Using a leaching protocol designed for the study of U isotopes in recent carbonates, we measured the U isotope composition, both 238 U/ 235 U and 234 U/ 238 U, of modern and ancient corals (n = 6), a limestone and a dolostone, as well as 43 shallow-water carbonate sediments from the ODP Leg 166 Site 1009 drill core, on the slope of the Bahamas platform. Although bulk corals record the seawater d 238 U value within ±0.02‰, differences of up to 0.30‰ in the d 238 U of individual leachates suggest a control of the coral structure and a more positive 238 U/ 235 U ratio in the centers of calcification. The drill core d 238 U data shows that the 238 U/ 235 U ratio of shallow-water carbonates is controlled mainly by (1) variations in sea-level through the mixing of different amounts of platform-derived sediments (with d 238 U $0.50-0.60‰ heavier than seawater) and pelagic sediments (with seawater-like d 238 U values), (2) authigenic U enrichment via pore-water circulation and U reduction both on the platform and down to $5 m below the surface (mbsf) after deposition of the sediment, and, to a lesser extent, by (3) early diagenetic processes (i.e., carbonate dissolution and/or recrystallization) during sediment burial. The global effect of these processes leaves the d 238 U values of shallow-water carbonates offset relative to that of seawater by D Carbonates-SW = +0.24 ± 0.06‰ (95% CI, including all samples). This shift can be used in seawater paleoredox reconstructions based on carbonates deposited on shallow-water platform, shelf and slope environments (i.e., most of the carbonate sedimentary record prior to the Mesozoic) to account for the average effect of carbonate diagenesis. Assuming that the 238 U/ 235 U ratio of carbonate platform sediments directly records the seawater 238 U/ 235 U ratio would underestimate the extent of oceanseafloor anoxia by at least a factor 10. The rapid fluctuations in d 238 U values due to sea-level changes (i) is a factor that should be considered before interpreting d 238 U variations as reflecting changes in oceanic paleoredox conditions and (ii) reinforces the need for statistically meaningful data sets.
Reconstructions of Earth's ancient atmosphere-ocean redox conditions rely on proxies such as the survival of redox-sensitive detrital minerals (Ramdohr, 1958; Rasmussen and Buick, 1999) , variations in the elemental abundance of redox-sensitive elements (e.g., Mo, Re, U; Anbar et al., 2007; Partin et al., 2013a Partin et al., , 2013b Scott et al., 2008) , or variations in the isotopic composition of traditional stable isotopes (e.g., S, C, N; Holland, 2006) . Since the mid-2000s, the so-called 'non-traditional' stable isotope systems (e.g., Cr, Fe, Mo, U) have emerged as powerful tracers of both high-and low-temperature geochemical processes (reviewed in Teng et al., 2017) . Of particular interest for paleoredox studies is the 238 U/ 235 U ratio, which has the potential to track the global extent of oceanic anoxia (e.g., Weyer et al., 2008; Tissot and Dauphas, 2015) .
Uranium has three naturally occurring isotopes: primordial 238 U and 235 U (t 1/2 = 4468 Myr and 704 Myr, respectively, Jaffey et al., 1971) , and the shorter-lived 234 U (t 1/2 = 245,620 yr, Cheng et al., 2013) , which is part of the decay chain of 238 U. In terrestrial surface environments, U exists in two main oxidation states: soluble U 6+ that behaves conservatively in the modern ocean (i.e., U concentration varies linearly with salinity, Ku et al., 1977; Owens et al., 2011) , and insoluble U 4+ . Because the mean oceanic residence time of U ($400 kyr; Ku et al., 1977) is much longer than the global ocean mixing time (1-2 kyr), the salinitynormalized seawater composition is homogeneous with regards to both U concentrations ([U] SW = 3.22 ± 0.06 ng/ g, for a salinity of 35 g/L, Chen et al., 1986) and U isotopes (d 238 U SW = À0.39 ± 0.02‰, Tissot and Dauphas, 2015; d( 234 U) SW = 144.9 ± 0.4‰, Chen et al., 1986; Chutcharavan et al., 2018 ) (see Eqs.
(1) and (2), for d-notations). The seawater U concentration and isotopic composition at any given time is thus the balance between U input to the ocean, mainly from rivers, and U removal, mostly into biogenic carbonates, anoxic/euxinic sediments and suboxic/hypoxic sediments (i.e., oxygen-minimum zones in continental margin settings with high primary productivity; e.g., Dunk et al., 2002; Tissot and Dauphas, 2015) .
In the ocean, d( 234 U) and d 238 U values are controlled by different processes, making uranium a two-facetted system. On the one hand, the evolution of the seawater 234 U/ 238 U through time both holds clues into continental weathering and affects U-Th ages. Indeed, alpha-recoil during 238 U decay and preferential leaching of 234 U over lattice-bound 238 U lead to 234 U excesses in rivers and marine sediment pore-waters, which are eventually transferred to the oceans (e.g., Chabaux et al., 2003) . This results in a modern d( 234 U) SW value of $145‰ (e.g., Ku et al., 1977; Chen et al., 1986; Andersen et al., 2010) . As removal of U from the homogenized ocean into sediments and during hydrothermal alteration does not significantly fractionate 234 U and 238 U, changes in d( 234 U) SW predominantly reflects changes in the source 234 U fluxes to the ocean (e.g., Henderson, 2002) . To reconstruct d( 234 U) SW through time, carbonates, and particularly corals, are predominantly used. These samples can faithfully record the ambient seawater 234 U/ 238 U ratio at formation time (e.g., Chutcharavan et al., 2018) , and thus provide a way of concomitantly dating the carbonate using U-Th and accessing the d( 234 U) SW at the time of formation (e.g., Edwards et al., 2003) . As even minimal sample alteration can, however, lead to large and mostly positive shifts in the 234 U/ 238 U of carbonates (e.g., Bard et al., 1991; Hamelin et al., 1991; Gallup et al., 1994; Stirling et al., 1995) , disentangling changes in the seawater 234 U/ 238 U from minor open-system behavior is far from straightforward, and past works concluded to a constant d( 234 U) SW throughout the late Quaternary Hamelin et al., 1991; Gallup et al., 1994) . A growing body of evidence subsequently suggested a 1-15‰ lowering of d( 234 U) SW in times of lower than modern sea-level stand during the last glacialinterglacial period. Establishing the magnitude and timing of these variations and understanding their origins is the focus of intense research (e.g., Robinson et al., 2004; Esat and Yokoyama, 2006; Andersen et al., 2007; Esat and Yokoyama, 2010; Chen et al., 2016a; Chutcharavan et al., 2018; Arendt et al., 2018) .
On the other hand, the evolution of the seawater 238 U/ 235 U through time provides a direct record of the global oceanic redox history. Indeed, and unlike the parentdaughter pair of isotopes ( 234 U and 238 U), the two longlived isotopes of U ( 235 U and 238 U) are not significantly fractionated during weathering and transport to the ocean (e.g., Wang et al., 2015; Tissot and Dauphas, 2015) and d 238 U SW is mainly controlled by isotopic fractionation during U removal into sedimentary sinks. While the isotopic fractionation factors (D Sink-SW ) associated with U removal into most sinks are relatively small (|D Sink-SW | 0.25‰), nuclear field shift effects (Bigeleisen, 1996; Schauble, 2007; Abe et al., 2008) impart larger isotopic fractionation (D Anoxic/euxinic-SW $ +0.60‰) during U removal into anoxic/euxinic sediments (e.g., Andersen et al., 2014) , leaving the seawater isotopically lighter than the riverine discharge. This fractionation forms the basis of the 238 U/ 235 U paleoredox proxy: during periods of extensive anoxia, U sequestration into anoxic/euxinic sediments will drive the d 238 U SW towards lower ( 238 U-depleted) values. Initially, 238 U/ 235 U paleoredox reconstructions focused on black shales (Montoya-Pino et al., 2010; Asael et al., 2013; Kendall et al., 2013; Kendall et al., 2015) in part because of their high U content and common occurrence in the geological record. The D Anoxic/euxinic-SW value is, however, not only large, but also highly variable (from 0.0 to +0.8‰) and dependent on depositional settings (e.g., open vs. restricted basin, extent of U loss from pore water, depth of oxygen penetration into the sediment, Andersen et al., 2014) , which are difficult to assess for ancient sediments. Furthermore, carbonate-hosted U (Andersen et al., 2014) and/or detrital U (Asael et al., 2013; Noordmann et al., 2015) in shales can blur the authigenic signal and have to be accounted for. These complexities result in large uncertainties and make d 238 U SW paleoredox reconstructions from black shales (e.g., Lu et al., 2017; Yang et al., 2017; Phan et al., 2018) more qualitative than quantitative. Though Fe-Mn crusts might record the d 238 U SW value reliably and with a small isotope fractionation (D Metalliferous-SW = À0.24‰, Goto et al., 2014; Wang et al., 2016) , the scarcity of the record and slow growth of Fe-Mn crusts limit their usefulness in the study of Earth's deep past.
Carbonates appear as a more promising target as (i) their rock record spans most of Earth's history, and (ii) the d
238 U values of modern primary carbonate precipitates and well-preserved aragonitic corals up to 600 ka in age are generally indistinguishable from that of modern seawater Weyer et al., 2008; Romaniello et al., 2013; Andersen et al., 2014; Tissot and Dauphas, 2015) . Several recent publications have already utilized the carbonate record to track redox transitions during the Oceanic Anoxic Event 2 ($94 Ma, Clarkson et al., 2018) , at the end-Triassic extinction ($201 Ma, Jost et al., 2017) , the end-Permian extinction ($252 Ma, Brennecka et al., 2011; Lau et al., 2016; Elrick et al., 2017; Zhang et al., 2018b; Zhang et al., 2018c) , the Frasnian-Famennian boundary ($372 Ma, Song et al., 2017) , the OrdovicianSilurian boundary ($444 Ma, Bartlett et al., 2018) , the Cambrian-Ordovician boundary ($485 Ma, Azmy et al., 2015) , the late Cambrian ''SPICE" event ($499 Ma, Dahl et al., 2014) , the Ediacaran-Cambrian transition and early-Cambrian ($550-520 Ma, Dahl et al., 2017; Wei et al., 2018; Zhang et al., 2018a) , and the end of the Sturtian Snowball Earth ($640 Ma, Lau et al., 2017) . At the same time, a number of findings are calling into question the reliability of the U proxy in carbonates. In seawater (i.e., 10.3 mM Ca 2+ , 53 mM Mg 2+ , 14 nM U 6+ , Chester and Jickells, 2012) and for pH > 6, the predominant U 6+ species are not UO 2 -CO 3 complexes as previously thought (Langmuir, 1978) but ternary calcium uranyl Ca-UO 2 -CO 3 complexes (Dong and Brooks, 2006; Endrizzi and Rao, 2014) . Bond length and/or U coordination number differences between these aqueous complexes (e.g., Docrat et al., 1999; Szabo et al., 2000; Bernhard et al., 2001; Elzinga et al., 2004; Kerisit and Liu, 2010) or changes during incorporation into different carbonate mineral structures (Reeder et al., 2000; Reeder et al., 2001; Kelly et al., 2003; Kelly et al., 2006) could drive U isotope fractionation, respectively, prior to or during, incorporation of these complexes into the solid phase. In fact, calcite and aragonite precipitation experiments under slightly alkaline conditions (i.e., pH $ 8.5) found resolvable U isotope shifts in aragonite (but not in calcite; Chen et al., 2016b) , suggesting (i) a control of U aqueous speciation on isotope fractionation, and (ii) that $0.11-0.23‰ d 238 U variations in carbonates could be due to changes in seawater pH, pCO 2 , Ca 2+ and Mg 2+ concentrations during sample precipitation, rather than global oceanic redox conditions .
More importantly, the effects of diagenesis on carbonate d
238 U values are poorly understood. Using Bahamian platform carbonate sediments down to $40 cm depth, Romaniello et al. (2013) found significant authigenic U enrichment and d 238 U values +0.20 to +0.40‰ heavier than seawater. These samples, however, are too shallow for porewater-seawater exchange to have ceased and it remains unclear whether d
238 U values will be further modified as burial proceeds, especially as old, variably altered carbonates display non-systematic d 238 U variations over a range of up to $1.0‰, both in individual components within a single hand specimen (Hood et al., 2016) and in bulk samples (Hood et al., 2018) . The depositional settings studied by Romaniello et al. (2013) are restricted to the uppermost part of the shallow-marine carbonate platform (small lagoon open to the ocean, shallow tidal flat, and tidal pond) and it is unknown whether deeper-water carbonates would display similar isotopic shifts, as the effect of lithification on carbonate d
238 U values is unconstrained. In this work we aim to investigate the effect of early marine phreatic diagenesis and lithification on the 238 U/ 235 U ratio of shallow-water carbonate sediments, on the meter to 100 m scale (i.e., 30 kyr to 1 Myr timescale) to constrain how faithfully carbonates can record the U isotopic composition of seawater. Shallow-water carbonate sediments were chosen because they make up the majority of the sedimentary carbonate record prior to the Mesozoic (Opdyke and Wilkinson, 1988; Boss and Wilkinson, 1991; Holmden et al., 1998; Walker et al., 2002; Ridgwell, 2005) (Higgins et al., 2018) revealed that significant open-system behavior affects samples in the top 10s of meter below the surface (mbsf), sampling depths for the present study ranged from the water-sediment interface to the bottom of the drill core ($225 m), well beyond the point where open-system behavior are thought to cease. In order to separate carbonate-associated U from U hosted in noncarbonate phases and at ion-exchange sites, we developed a leaching protocol potentially applicable to carbonates of all ages. Our results shed light on the mechanisms affecting the d 238 U values in carbonates as well as on the variability of the d( 234 U) SW over the last 1.4 Myr.
SAMPLES

Background on ODP Leg 166 Site 1009 drill core
To study early diagenesis, the Holocene and Pleistocene shallow-water calcium carbonates from the western slope of the Great Bahamas Bank, Ocean Drilling Project (ODP) Leg 166 Site 1009 (Eberli et al., 1997; Malone, 2000; Malone et al., 2001) were selected. Site 1009 (23°36.84 0 N, 79°03.00 0 W) is located $100 km south of the main ODP Bahamas Transect (Sites 1003 to 1007; Fig. 1 ) and 4.5 km off from the platform edge, in 308 m of water. The geothermal profile linearly increases from 18 to 22°C down the core and the age at the base of the recovered section (226 mbsf) is between 1.2 to 1.44 Myr as determined using calcareous nannofossils and planktonic foraminiferal biostratigraphy.
The moderate preservation of calcareous nannofossils in the drill core (Eberli et al., 1997) might, however, affect the accuracy of the age vs. depth profile constructed from the nannofossils record (black squares on Fig. 2 ; data from Table 2 in Eberli et al., 1997) . In particular, the accurate identification of Emiliania huxleyi (whose first appearance corresponds to Marine Isotope Stage 8, 0.25 Myr ago) is known to be hindered by dissolution and relying on this species in poorly preserved sediments can yield considerable uncertainties (Thierstein et al., 1977) . We therefore built a composite age vs. depth profile (blue line in Fig. 2 ; data in Table S1 ) using radiometric ages when available and bio-event ages otherwise. The radiometric ages were obtained using both 14 C and U-Th (Henderson, 2002; Robinson et al., 2002) data, and are much more reliable on their respective domains of validity (up to $40 kyr and 500 kyr, respectively) than the bioevent ages. The U-Th ages show that the base of the E. huxleyi nannofossil datum was indeed incorrectly positioned at $45 mbsf and is actually much lower in the drill core, at $70 mbsf. Based on the dispersion of U-Th ages at a given depth, a conservative ±7.5% relative error was assigned to the entire age vs. depth profile. These errors are propagated onto the 234 U/ 238 U initial ratios reported (see supplementary materials for details). Using this composite age profile, the sedimentation rates at the $1-20 meter-scale are found to vary between 4 and 275 cm/kyr in this drill core (Fig. 2) . The samples consist of unlithified to partially lithified peloidal and bioclastic mudstone, wackestone, and packstone, with grainstone and floatstone intercalations and a nannofossil ooze layer (Eberli et al., 1997) . The carbonate content of the samples is typically between 90 and 95 wt%, of which 11 to 93 wt% is in the form of aragonite (Fig. 3) . The total organic carbon content (TOC) is generally low (below 1 wt%), but the data is sparse with only 12 samples measured for the whole drill core (Eberli et al., 1997) . Several hardgrounds, some coinciding with seismic boundaries and Marine Isotope Stages (MIS ,  Table S2 ), occur in the drill core intervals corresponding to glacial periods or glacial-interglacial transitions (Malone et al., 2001) . These hardground are cemented by high-Mg calcite with $14 mol% MgCO 3 , and are characterized by anomalously high d
18 O inorg and low d
13
C inorg values (Fig. 3) , all of which is consistent with precipitation near the seafloor from waters having present-day to slightly colder temperatures (Malone et al., 2001) . The fact that either hardgrounds/firmgrounds or turbidites/current flows are found at the top of most upward-coarsening sequences is also consistent with the coarsening of the sediment recording decrease in sea-level and hardgrounds forming during times of minimal sedimentation rates and sediment bypass.
Shipboard interstitial water profiles show little change in the top 30-40 m, likely reflecting fluid-buffered conditions (as defined by Higgins et al., 2018) as a result of the lateral seawater fluid flow of $5-10 cm/yr at this site (Henderson et al., 1999) . Below that depth, however, shallow-burial diagenetic reactions are clearly seen ( Fig. 4 ; Eberli et al., 1997; Malone et al., 2001 À concentration with depth suggests that little fluid circulation is occurring below 30-40 mbsf and that the solid + fluid form a closed-system in which alteration/recrystallization processes are happening (i.e., sediment-buffered conditions, Higgins et al., 2018) .
We selected 43 samples from Site 1009 for U, O, C, and N isotope analysis, with a sampling frequency of $5 m along the drill core. The selected samples cover the whole range of mineralogical and geochemical (i.e., CaCO 3 wt%, MgCO 3 wt%, [Sr] , d
13 C inorg , and d
18
O inorg ) variability of the recovered section. The samples range from pristine aragonite to recrystallized facies, and include one hardground at 99.12 mbsf. Six samples were collected from the glacial packet of sediments representing several MIS, including the hardground sample at MIS 12, which coincides with a glacial lowstand $430 kyr ago and subaerial (Eberli et al., 1997) , while open circles, triangles, and diamonds are radiometric ages from, respectively, U-Th (Robinson et al., 2002) , U-Th (Henderson, 2002) , and 14 C . The blue curve is a composite age vs. depth profile built using radiometric ages when available and bioevents otherwise (see supplementary materials for more details). Sedimentation rates calculated from the composite profile as well as stratigraphic sequences (Eberli et al., 1997) are also shown. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) Fig. 3 . Bulk cumulative mineralogy (normalized to 100% carbonate), carbon and oxygen isotope compositions, and elemental geochemistry depth profiles for Site 1009 samples (LMC: low-Mg calcite, HMC: high-Mg calcite, square = unlithified, crosses = partially lithified, and circles = lithified; data are from Malone, 2000) . exposure at that time (Malone et al., 2001 ). These samples were specifically targeted to assess the effect of sea-level variations on the 238 U/ 235 U ratios.
Other carbonate, carbonatite and shale samples
Uranium concentrations in carbonates vary from several ppm in aragonite to sub-ppm levels in calcite and dolomite (e.g., Rogers and Adams, 1969; Swart and Hubbard, 1982; Reeder et al., 2000; Lau et al., 2016 Lau et al., , 2017 . To obtain enough U to achieve high-precision d 238 U measurements (>150 ng of U), large sample masses (up to several grams in some cases) are needed, which cannot realistically be obtained by micro-drilling. Bulk-rock measurements can potentially be influenced by incorporation of carbonate affected by secondary processes, such as exchange with circulating fluids and recrystallization. Furthermore, in carbonate rocks, U can also be associated with extraneous components such as phosphates, iron oxides, silicates, and organics. A step-digestion protocol using dilute acetic acid was therefore developed in order to selectively recover carbonate-associated uranium, and minimize the mobilization of U associated with non-carbonate components and secondary carbonate overgrowth. Several samples were used to test the various steps and the adequacy of this protocol. They are listed in Table 1 and comprise a modern stony coral (from Florida, $99% CaCO 3 , <10,000 yr old, [U] =1.85 ppm, available from Ward Science), three other modern corals, two older (Pleistocene and Pliocene) corals, one modern limestone, and one Pliocene dolomite.
To assess the effect of the digestion protocol on other Urich lithologies, two additional samples were analyzed: the COQ-1 carbonatite USGS geostandard (Canada), and the SBC-1 shale USGS geostandard (USA), which have U concentration of 10.5 ± 1.5 ppm and 5.6 ± 0.6 ppm, respectively (Tissot and Dauphas, 2015) .
METHODS
Notations
The 238 U/ 235 U ratios are reported in permil as d 238 U values relative to the U standard CRM-112a (also named SRM960 or NBL112-a; CRM-145 for the solution form):
The uncertainties are calculated as 2 Â r Standard = ffiffi ffi n p , where 2 Â r Standard is the daily external reproducibility (2SD) of repeat measurements of the standard CRM-112a bracketed by itself, and n is the number of solution measurements of the sample (see Tissot and Dauphas, 2015 for more details on error propagation).
The 234 U/ 238 U ratios are expressed relative to secular equilibrium as: 
Establishing a step-digestion protocol
Several studies (e.g., Bailey et al., 2000; Kuznetsov et al., 2005; Li et al., 2011; Liu et al., 2013; Liu et al., 2014; Zhang et al., 2015; Tostevin et al., 2016) Liu et al., 2014; Zhang et al., 2015; Tostevin et al., 2016) , all studies paint a generally consistent picture. To understand the origin of the d 238 U variations observed during progressive dissolution of carbonates and assess whether a particular leaching step more faithfully records the seawater U isotope composition, we conducted the following experiments (see Section 3.5 for measurement details):
(1) To assess the amount of U released during MQ-water and 1 M ammonium acetate washing, 2000 mg of a stony coral sample powder were leached in a centrifuge tube for 24 h with 10 mL of each reagent, successively. The tubes were placed on a Thermo Scientific MaxQ Shaker in a holder at a 45°angle to avoid settling of the solid. The samples were centrifuged three times on a Fischer Scientific Centrific centrifuge (10 min at $2500 rpm). The supernatants were pipetted out after each centrifugation and the residues rinsed with MQ-water before the next step to ensure full recovery of the dissolved species. A similar test was also conducted on the COQ-1 carbonatite and the SBC-1 shale. Results are shown in Tables S3 and S4 and indicate very limited U leaching (<2%) during both steps. (2) To assess the amount and isotopic composition of U released during step leaching with dilute (<20 wt%) acetic acid, two replicate digestions of the stony coral sample powder were done in 10% step increments (after Bailey et al., 2000; Zhang et al., 2015) where Ca; Mg; Mn; Fe ð Þ CO 3ðsÞ account for all forms of carbonates. To digest a given percentage, x, of the carbonate, the amount of acetic acid to add to the sample depends on (i) the concentration of the acetic acid solution (C Acetic , here equal to 0.2 for a 20 wt% solution), (ii) the total carbonate content of the sample (carb%), (iii) the molar weight of the carbonate in the sample (M Carb ) and the acetic acid (M Acetic = 60.05 g/mol), (iv) the density of the acetic acid solution (d = 1.01 g/mL for a 20 wt% solution), and (v) the mass of sample being used (m smp , in g). The volume, V (in mL), of acetic acid of concentration C Acetic to add is calculated as:
where the factor 2 accounts for the fact that 2 moles of H þ are required to digest 1 mole of carbonate. Though acetic acid is a weak acid, we calculate the amount of acid to add as if it were a strong acid (i.e., totally dissociated) because the consumption of H + ions during carbonate digestion drives the dissociation of CH 3 COOH to near completion. For a pure carbonate sample like the stony coral, the amount of sample digested was typically accurate within ±5%. For each digestion step, the samples were placed on the MaxQ Shaker until reaction ceased (typically 12-24 h). The supernatants were pipetted out after centrifugation as described above. The residues were left to dry and the next digestion step was only started after complete drying: i.e., after the mass of the sample stopped decreasing (typically after 12-24 h).The results of the leaching experiments are shown in Table S5 and Fig. 5 238 U value in the most resistant fraction of the carbonate, (ii) contamination from non-carbonate residuum, or (iii) the cumulative effect of a weak preferential leaching of 238 U in the preceding steps, leaving a 235 U-enriched carbonate fraction to be digested last (see Section 5.1 for further discussion). (3) The same step-digestion protocol was applied to carbonatite COQ-1 (assuming that the sample is 100% carbonate) to assess the effect of acetic acid leaching on an igneous carbonate rock. The results are shown in Table S6 . Less than 2% of the total U in the carbonatite was released during the entire leaching protocol. This result indicates that the weak chemical attack does not affect the major U carriers in the carbonatite, which are, apart from apatite, chemically resistant phases (e.g., perovskite, garnet), and that our protocol only mobilizes U associated with carbonates. (4) A last test was performed in which a 3:1 mixture of carbonatite COQ-1 and shale SBC-1 (100 mg total) was placed in a centrifuge tube with excess acid to evaluate the effect of leaching of a detrital component with different acids. The amount of acid added to the powder was enough to digest twice the sample mass if it were 100% carbonate. An $8 wt% acetic acid solution and a 1 M HCl solution were used for these tests.
The results are shown in Table S7 . The U release was limited in both cases, yet the 1 M HCl solution leached 4 times more U than the acetic acid solution.
Only $1% of the U present in the mixture was released by the acetic acid attack, indicating that a step-leaching protocol using this acid will minimize contribution of silicate-and organic-bound uranium and maximize release of carbonate-associated uranium, as intended.
Optimized digestion protocol
Several paleoredox reconstruction studies using U isotopes in carbonates have been published, and almost as many methods have been used to release carbonateassociated uranium: 1 M HCl (Brennecka et al., 2011; Wei et al., 2018; Zhang et al., 2018a; Zhang et al., 2018b; Zhang et al., 2018c) , 1 M HNO 3 (Song et al., 2017) , 3 M HNO 3 (Romaniello et al., 2013) , <0.5 M HCl (Dahl et al., 2014) , 1 M HCl followed by 1 M HNO 3 (Azmy et al., 2015) ; 0.25 N HCl (Lau et al., 2016; Lau et al., 2017; Jost et al., 2017) , 1 N acetic acid (Elrick et al., 2017; Bartlett et al., 2018) , pH-buffered 1 M sodium acetate (pH = 5 at room T; Clarkson et al., 2018) , and pH-buffered 10% (1.7 M) acetic acid (pH > 3.6, T = 50°C; Dahl et al., 2017) . Only three of these sixteen studies report the results of leaching tests. Lau et al. (2016) showed that lower molarity (<0.5 N) HCl leaches have lower Mn/Sr ratios than leaches obtained with higher molarity HCl, thus suggesting minimal digestion of diagenetically altered components. Dahl et al. (2017) studied the concentration and isotopic composition of U released from various proportions of a pure carbonate powder (chalk) and a phosphate-rich shale. They found that the use of dilute HCl resulted in significant release ($70 %) of phosphate-associated U, while pHbuffered 10 % acetic acid resulted in only minor ($30 %) release of phosphate-associated U. Using a step-leaching protocol with acetic acid solutions of increasing strength, Zhang et al. (2018b) found that the earliest (<$30% carbonate digestion) and latest (>95 % carbonate digestion) leachates of sedimentary carbonates could have d 238 U values different by up to 0.50‰ relative to the central cut (between $30 and 90% carbonate digestion). These differences could reflect (i) primary variability within the carbonate components, or (ii) isotopic resetting of the most easily digested phases (early leachates) and isotopic contamination from non-carbonate phases (late leachates).
Based on these previous studies of U isotopes, the existing body of work on bulk carbonates digestion (e.g., Bailey et al., 2000; Kuznetsov et al., 2005; Li et al., 2011; Liu et al., 2013; Liu et al., 2014; Zhang et al., 2015; Tostevin et al., 2016) and the results of our own tests above ( Fig. 5 and Tables S3-S7) a simple, three-step leaching protocol was derived for carbonate digestion that would maximize release of carbonate-associated U, while at the same time minimizing U release from other components (e.g., silicates, organics).
Step 1: Approximately 20-30% of the sample is digested using dilute (<20 wt%) acetic acid in order to remove easily mobilized U (i.e., contaminant U at ionexchange sites or in secondary carbonates) whose U isotope composition might differ from that of seawater. No water or ammonium acetate pre-cleaning step was found necessary as they mobilize very little U. Step 2: The bulk of the carbonate ($40-70% of the sample) is digested using dilute acetic acid and the solution recovered is used for high-precision U isotope analysis. Although only HF and HNO 3 acids will significantly release silicate-and organic-bound U, at least 10% of the sample is left undigested to avoid leaching of such detrital phases, whose U isotopic composition will likely be different from that of the carbonate.
Step 3 (optional): The remainder of the carbonate is digested, with dilute acetic acid, in order to study the full U inventory of the samples.
Although not implemented here because of the lack of phosphates in the samples, this protocol can be modified to minimize the contribution of phosphate-associated U by buffering the pH of the acid to a value above 3.6, using calcium acetate (Jeppsson et al., 1985; Jeppsson et al., 1999; Dahl et al., 2017) .
Given the absence of dolomite from our samples, and the observation by Tostevin et al. (2016) that REE + Y release patterns are different in dolomite relative to calcite during step-leaching, the relevance of our protocol to the study of dolomite samples remains to be assessed. Nevertheless, we emphasize that this protocol is very similar to those proposed to extract the most pristine REE + Y patterns, 87 (Bailey et al., 2000; Kuznetsov et al., 2005; Li et al., 2011; Liu et al., 2013; Liu et al., 2014; Zhang et al., 2015; Tostevin et al., 2016) , suggesting that combined analysis of REE + Y patterns, 207 Pb/ 204 -Pb- 206 Pb/ 204 Pb, Mg, Sr, and U isotopes in the same leachates is a viable option for future studies of seawater composition.
Sample processing of modern and Site 1009 carbonates
The leaching protocol was applied to an array of carbonates (Table 1) as well as the 43 Bahamas Bank samples selected from the ODP Leg 166 Site 1009. The samples were crushed into fine powder using agate mortar and pestle. Eq. (4) was used to calculate the amount of acid to add for each digestion step. For some samples (the corals, limestone, and dolostone listed in Table 1 ), no chemical composition data was available and the carbonate content was estimated from major element abundances determined on compacted powder pellets using a JEOL JSM-5800LV scanning electron microscope.
To ensure that the entire sample powder was well wetted prior to acid addition, the samples were first covered with 10 mL of MQ-water, to which the required amount of 20 wt% acetic acid was then added. The actual acetic acid concentration used for carbonate digestion therefore varied between 2 wt% and 12 wt%. This approach has the benefit of avoiding direct contact of the 20 wt% acid solution with the sample powder and therefore alleviates concern of preferential dissolution of the first grains being exposed to the acid.
Sample leaching was done in clean centrifuge tubes placed on a Thermo Scientific MaxQ Shaker in a holder at a 45°angle to avoid settling of the solid and protection of carbonate grains by acetic-acid resistant phases, which could lead to low digestion yields (Dahl et al., 2017) . Once reaction ceased (typically after $24 h), the tubes were centrifuged three times for 10 min at $2500 rpm. The supernatants were pipetted out after each centrifugation and the residues rinsed with MQ-water before the next step to ensure full recovery of the dissolved uranium. The residues were then dried in a laminar flow hood at T$30-40°C (using heat lamps). Only limited heating was applied to the samples during drying to avoid mineral transformation so some small amount of moisture might have remained. Nevertheless, once the sample mass stopped decreasing, the stabilized weight was used to calculate the amount of sample digested before the next digestion step.
3.5. Sample spiking, uranium purification, and mass spectrometry After digestion, a small aliquot (2-5%) of each cut was taken, diluted 10-fold with 0.3 M HNO 3 and used for 238 U and 232 Th concentration measurement (without any column chemistry). Concentration measurements were performed on the Neptune MC-ICP-MS in wet plasma mode (i.e., spray chamber). Every third sample analysis was bracketed by measurement of a standard solution of U and Th at $2.5 ppb. The uncertainty on [U] and [Th] thus achieved was typically ±20% (see Table S8 ). After concentration check, a liquid aliquot of the ''central cut" ($35-80% carbonate digestion) containing $240 ng of U was transferred into a clean Teflon beaker and spiked with IRMM-3636 U double spike (50.46% of 233 U and 49.51% of 236 U; Verbruggen et al., 2008) . Enough spike was added to obtain a U spike /U sample ratio of $3%. After spiking, the samples were dried completely and taken back into concentrated HNO 3 before dilution to 3 M HNO 3 .
U purification and isotope measurements were done following the procedure thoroughly described in Telus et al. (2012) , Tissot and Dauphas (2015) and Tissot et al. (2017) (see supplementary materials for more details). Uranium procedural blank varied between 12 and 30 pg (<0.02% of sample uranium) and are therefore negligible.
and TOC analyses
These analyses were performed following the routine methods from Swart et al. (1991) and Oehlert and Swart (2014) (see supplementary materials for more details).
RESULTS
Geostandards
Some geostandards were analyzed to assess the accuracy of the U isotope measurements. Three total digestion replicates of the Columbia River basalt (BCR-2) were prepared from fresh powder aliquots, processed along with the samples and gave reproducible d
238 U values of À0.24 ± 0.03‰, À0.25 ± 0.03‰, and À0.27 ± 0.03‰ (2SE). This is identical to the average value of À0.27 ± 0.05‰ (95% CI), which includes data from 11 studies (Tissot and Dauphas, 2015, supplementary material) . Purified U cuts of three seawater samples from a previous study (Tissot and Dauphas, 2015) were also measured (Table S5 ). The Faedra sample (Mediterranean Sea) was measured at À0.39 ± 0.05‰ (replicate 1), À0.39 ± 0.04‰ (replicate 2), À0.38 ± 0.03‰ (replicate 3), and À0.40 ± 0.07‰ (replicate 4), in agreement with the value of À0.39 ± 0.05‰ previously reported for the same sample. Similarly, the Abu Dhabi sample was measured at À0.37 ± 0.04‰ (replicate 1) and À0.38 ± 0.04‰ (replicate 2), and the Dubai sample was measured at À0.35 ± 0.04‰ (replicate 1), À0.36 ± 0.03‰ (replicate 2), and À0.35 ± 0.06‰ (replicate 3), in agreement with the values of, respectively, À0.34 ± 0.05‰ and À0.32 ± 0.05‰, previously reported.
Corals, limestone, and dolostone
The leachates U concentration and isotopic composition of modern and ancient corals, the limestone, and the dolomite are presented in Fig. 6 Fig. 8 ). These observations demonstrate the robustness of the DS method and imply that a single column chemistry pass is sufficient to obtain reliable data. The only exception is sample 19.12, for which a difference of 99‰ in the d( 234 U) value was observed after one and two chemistries. For this sample, a third replicate sample aliquot was processed through column chemistry twice and measured again, yielding [U], d
238 U and d( 234 U) values identical to the previous measurement made after two column passes, showing that some matrix effect (most likely due to the presence of Ca) was affecting the measurement after one column chemistry. These reproducible values are used in the figures and discussion below.
Uranium concentration and isotopic composition
The U release pattern of the carbonate samples from Site 1009 (Fig. 9 and Table S8 ) is very similar to that of the corals (Figs. 5 and 6). There is 2 to 40 times less U leached during Step 1 than during Steps 2 and 3. Thorium U measured, all values are sample-standard bracketed (SSB). Disagreement of the two sets of values after 1 column chemistry (grey) indicates that matrix effects affected the measurements (fore more details see Tissot and Dauphas, 2015) . Samples processed twice through column chemistry (white circles) plot on the 1:1 line, indicating the absence of matrix effects. Fig. 8 . Comparison of U concentration and isotopic composition measured after one and two column chemistry. The matrix effect visible in the sample-standard bracketed data (Fig. 7) has, in most cases, little to no effect on the [U], d 238 U, and d( 234 U) values calculated using the double-spike method. The only exception is sample 19.12, for which matrix effect was still affecting the measurement after one column chemistry pass (grey arrows).
concentrations (and Th/U ratios) are low in Steps 1 and 2, but increase in Step 3 (Table S8) , indicating leaching of non-carbonate phases in this last step. These results further validate the adequacy of our leaching protocol.
Step 1 clearly removes a component that is not representative of the bulk sample, while leaving some of the carbonate undigested helps to avoid incorporation of U associated with non-carbonate (i.e., detrital) phases.
The concentration and isotope composition of U in the ''central cut" ( Step 2) are shown in Fig. 10 and Table 2 . Uranium concentrations show significant dispersion from 1.9 to 12.1 ppm, with no clear trend with depth. Similarly, no trend is observed in the 238 U/ 235 U ratios with depth, and d
238 U values vary from À0.94 to +0.13‰. Unlithified samples (which mostly occur in the top portion of the core) have slightly higher U content and more dispersed d
238 U values than partially lithified samples (which are most common at the bottom portion of the core) ( Fig. 10d and e) . Almost all the samples are enriched in U (average [U] = 6.5 ± 0.7 ppm, 2se) compared to allochemical fragments (e.g., corals, calcareous algae, molluscs, and benthic forams; [U] = 2.3 ± 1.3 ppm, Dunk et al., 2002) Fig. 10c) , whereby the samples close to the water-sediment interface have seawater-like d( 234 U) values ($145‰), and the samples at the bottom of the core have d( 234 U) values close to secular equilibrium ($10‰). Our measurements are in excellent agreement with published data obtained on samples at a similar depth in the drill core (grey symbols on Fig. 10c ; Henderson, 2002; Robinson et al., 2002 ; see Table 3 ). Some samples below $75 mbsf are systematically enriched in 234 U (up to 100‰) compared to what would be expected given the age of the samples (red curve on Fig. 10c ), indicating open-system behavior and U exchange with a phase characterized by a high 234 U/ 238 U ratio, most likely, the circulating pore-water (Fig. 4) Fig. 11 and Table 4 . The carbon and oxygen isotope data are in excellent agreement with previous analyses (grey symbols in Fig. 11; Oehlert et al., 2012) , the d 13 C inorg and d
13
C org values measured in the drill core indicate that the Site 1009 sediments are mainly platform-derived rather than pelagic in origin (Fig. 12) .
The TOC contents are low (below 1 wt%), as suggested by the limited initial shipboard data (grey symbols in Fig. 11 , from Eberli et al., 1997) , reflecting significant oxidation of organic matter during transport and burial (Oehlert et al., 2012) . There is no statistically significant correlation between TOC content and d
238 U values (Fig. 13) . In order to assess what controls the variability in U concentration and isotope composition of the samples a scatter plot matrix of
15 N org (this study) and geochemical data (U/Ca, Sr/Ca, U/Sr, Mg/Ca, and Na/Ca; Malone, 2000) is shown in Fig. 13 . Statistically significant correlations were evaluated by calculating p-values and the Spearman's rank correlation coefficients (q) using the cor.test() function in R. The Spearman's rank test assesses how well the relationship between two variables can be described using a monotonic (not necessarily linear) function. Because of its extreme composition, the hardground sample was plotted, but not used for calculation of p-values or correlation coefficients. Several statistically significant correlations (i.e., p-value < 0.05) are revealed (panels in full colors in Fig. 13 ). (Fig. 6, Table S5 ) could reflects disturbance of U at ion-exchange sites and in heavily altered regions, which are more easily digested. However, because the bulk modern coral d 238 U and d( 234 U) values are indistinguishable from seawater within 0.02‰ and $1‰, respectively, the variability in the U concentration and isotope release patterns (Figs. 5 and 6) more likely holds information about coral U geochemistry. In a study of modern and fossil scleractinian corals, Robinson et al. (2006) showed that the centers of calcification (COC, the dark bands where calcification is initiated, which run along the middle of coral septa and theca) are characterized by smaller crystal sizes (i.e., fine-grained aragonite) than other parts of the coral, as well as U/Ca ratios 2-3 times lower and d( 234 U) values higher than other parts of the coral. These COCs are also characterized by fast precipitation rate, potentially due to high saturation state or high pH conditions during calcification. Carbonate precipitation experiments have shown that high pH conditions result in 0.10-0.20‰ higher d
238 U values in aragonite relative to the liquid phase (Chen et al., 2016b) , implying that higher d
238 U values should be observed in the COC compared to the rest of the coral. This prediction is consistent with the seawater-like d 238 U value (À0.40 ± 0.03‰) observed in a COC-poor sub-sample of Caribbean coral Acropora palmata and the $0.10‰ higher U is L1/C/H1/H2/H3 (faraday cups with 10 11 X resistor). For other samples, the configuration is L1/SEM/H1/H2/H3. a Shipboard lithology (from Malone, 2000) of samples at equivalent depth (within 5 cm, except for 219.26 and 222.26, for which the reference sample is 70 cm lower). ul = unlithified, pl = partially lithified, pel = peloidal, bio = bioclastic, wack = wackestone, pack = packstone, mud = mudstone, forams = foraminifers, nannos = nannofossils.
b PL = partially lithified, LITH = lithified. (Cheng et al., 2013) . (Cheng et al., 2013) . b Assumes the sample formed with the modern seawater d( 234 U) value of 144.9 ± 0.4‰, and that the difference in 234 U/ 238 U is exclusively due to 234 U decay. c As reported in original study, using half-lives from Cheng et al. (2000) . Fig. 11 . Bulk carbon and oxygen isotope compositions, total organic carbon (TOC) content, and organic carbon and nitrogen isotope composition depth profiles for Site 1009. Symbols as in Fig. 10 . Shipboard and previous data (Eberli et al., 1997; Malone, 2000) are shown in grey.
d
238 U value observed in a COC-rich sub-sample of the same coral (Tomiak et al., 2016 
Older corals, and limestone, dolostone
The Pleistocene and Pliocene corals show lower than modern seawater d( 234 U) values and limited isotopic variability among the three cuts, within 10‰ of each other. Taken at face value, these 234 U/ 238 U ratios would indicate that the two samples are only $100 and 70 kyr old, respectively. The former number is consistent with the Pleistocene (10-1600 kyr) age of the first coral, but the latter estimate requires recent resetting of U systematics of the Pliocene (2.5 -5.3 Myr) specimen. It did not affect, however, the 238 U/ 235 U ratio, which has the same dissolution pattern as modern corals and d
238 U values indistinguishable from modern seawater. Together, the coral data shows that corals do record the U isotope composition of seawater, and are consistent with fully oxygenated oceans over the last couple million years.
The data for the limestone and dolostone shows d 238 U values that are identical in all three steps, but $0.20‰ and $0.45‰ higher than modern seawater, respectively. The limestone further displays variable d( 234 U) values, from 
13
C org between À20‰ to À22‰) (Oehlert et al., 2012) . (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) 110‰ up to 141‰ relative to secular equilibrium, whereas the dolostone is essentially at secular equilibrium (values between À13 and +11‰). The bulk 234 U/ 238 U ratio of the limestone is broadly consistent with the poorly defined age of the sample ($120 kyr), yet the high values observed in the second digestion step imply some recent 234 U addition, presumably from seawater or pore-waters (see Fig. 4 ). On the other hand, the Pliocene dolostone 234 U/ 238 U ratio is consistent with a closed-system behavior of the sample, suggesting that the offset of its 238 U/ 235 U ratio relative to seawater could be a feature acquired at the time of dolomitization, or soon after. This is consistent with Sr and O isotope and iodine concentration data for Precambrian dolostones indicating that once dolostones are formed, they act as a closed system (e.g., Hardisty et al., 2017) .
Overall, the coral data is consistent with corals and other primary carbonate allochems (i.e., algae, mollusks, and ooids) recording a U isotope composition close to that of the seawater from which they formed, as previously reported in several studies Weyer et al., 2008; Romaniello et al., 2013; Andersen et al., 2014; Zhang et al., 2018b) , including data for stony corals (Tissot and Dauphas, 2015) , and during calcite and aragonite precipitation experiments at pH $ 7.5 (Chen et al., 2016b) . By comparing d
238 U values in coeval carbonate sequences from different depositional environments, Clarkson et al. (2018) recently showed that some calcite 15 N org (this study), and bulk geochemical data (Sr/Ca, U/Sr, Mg/Ca, and Na/Ca; Malone, 2000) for Site 1009. Spearman's rank values (q, p-value) are listed in each panel. Panels in full colors show statistically significant correlations (i.e., p-value < 0.05), whereas a transparency denotes non-significant correlation. The hardground sample (red) was plotted, but not used for calculation of p-values or correlation coefficients. White = unlithified, grey = partially lithified, blue = sealevel lowstands, red = hardground. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) successions deposited in deeper-shelf environments are in fact capable of preserving this primary d 238 U SW value on geological timescales. The d
238 U values 0.20-0.45‰ higher than seawater observed in the limestone and dolostone, however, add to a growing body of evidence that sedimentary carbonates do not always preserve the unfractionated seawater 238 U/ 235 U ratio and that shifts to higher d 238 U values are imparted onto these rocks either during their formation (Chen et al., 2016b) or by secondary processes such as diagenesis, burial, and dolomitization (e.g., Romaniello et al., 2013; Hood et al., 2016; Clarkson et al., 2018; Hood et al., 2018 ; this work, see Section 5.4). (Fig. 10c) , from seawater-like ($145‰) close to the water-sediment interface to values close to secular equilibrium ($10‰) at the bottom of the core. Assuming that the samples formed with the modern seawater 234 U/ 238 U ratio, and that this value was constant over the past 1. 
The composite age vs. depth profile built from radiometric ages and bioevent datums (blue curve in Fig. 2 ) is used to calculate the age of samples at any depth. The green, blue, and red curves in Fig. 10c and f show three d( 234 U) p vs. depth profiles calculated assuming that the samples closed, respectively, 0, 5, and 10 m below the watersediment interface. To first order, the measured d( 234 U) values in the drill core are in very good agreement with closure of the samples close to the water-sediment interface, and return to secular equilibrium in a closed system. A closer view of the top of the drill core (Fig. 10f) shows a better agreement between the d( 234 U) values measured and closure of the samples 5 mbsf (blue fit) rather than 0 mbsf or 10 mbsf (green and red fits). Open-system behavior down to 5 mbsf implies (i) that the data of Romaniello et al. (2013) , which extends to 40 cm depth only, does not record the entire carbonate platform diagenesis, and (ii) that an offset will exist between 14 C and U-Th ages in the Site 1009 samples. Indeed, if the radiocarbon clock starts at the death of the carbonate-secreting organism, it will effectively start before the U-Th clock. Assuming that the 14 C ages in the Site 1009 samples are not significantly affected by 14 C marine reservoir effects (e.g., Bard et al., 1994) or other secondary processes (e.g., modern atmospheric CO 2 contamination, bioturbations; Nadeau et al., 2001; Sepulcre et al., 2017) , the actual age offset between 14 C and U-Th ages will depend on the U-Th closure depth of the sample and the sedimentation rate at the time of sample deposition. For the top portion of the core, where 14 C ages are available and can be used to calculate sedimentation rates ($250 cm/kyr; Fig. 2, Table S1 ), a 5 m difference in closure time would result in 14 C ages being $2-3 kyr older than U-Th ages.
Samples for which the measured and expected d( 234 U) disagree (i.e., samples that do not fall on the red curve in Fig. 10c ) are found mostly below $75 mbsf and are systematically enriched in 234 U (up to 100‰), indicating opensystem behavior and U exchange with a reservoir characterized by a high 234 U/ 238 U ratio, most likely the circulating pore-water. Based on the 234 U/ 238 U pore-water profile ( Fig. 4 ; data from Henderson et al., 1999) an upper limit on the amount of 234 U addition to each sample can be calculated. Samples below 75 m are consistent with at most 7% of 234 U addition, and even the 234 U/ 238 U ratio of the hardground sample (99.12 mbsf), which is 70‰ higher than the expected value, can be explained with only 20% of 234 U addition from pore-waters. Diagenetic processes involving U exchange between the bulk samples and a fluid must therefore have occurred mainly before closure of the system at $5 mbsf, which based on the composite age vs. depth profile (Fig. 2) corresponds to a duration of open-system behavior of only $2-3 kyr.
The observation of closed-system behavior is based on U isotope analysis of the second leachate (30-80% carbonate digestion). Exchange with the circulating fluid might therefore continue below the $5 mbsf point, but only affect the surface layer of the carbonate grains, which are removed by the first leaching step (which digested about 35% of the carbonate). This is broadly consistent with the recent findings of Higgins et al. (2018) , who, based of Mg and Ca isotope data for Sites 1003, 1005, and 1007 (see Fig. 1 ), concluded that fluid-buffered, open-system conditions were most likely restricted to shallow depths (the top 10s of meters of the sediment column) due to porosity and permeability limitations for driving fluid advection deeply into sediments. The shallower closure depth derived from our data ($5 mbsf) relative to that of Higgins et al. (2018) ($10s of mbsf) likely reflect a solubility difference between U and Mg (or Ca) in the pore-water down the core. Indeed, pore-water U concentrations decrease rapidly as a result of U reduction to insoluble U 4+ , limiting the possibility of significant sample U resetting below $50 mbsf, whereas Mg 2+ and Ca 2+ remain elevated even at the bottom of the drill core ( Fig. 4 ; Henderson et al., 1999) . It could also be due, in part, to a difference in sample processing, and specifically the use of a step-leaching protocol before U isotope analysis. It is possible that the leaching protocol applied here has removed most of the fluidbuffered portion of the sediments, with overprinted Ca, Mg, and U isotope compositions, in the first digestion step. In this scenario, the excess 234 U seen in the Step 2 leachate of some of the samples below $75 mbsf could be due to insufficient leaching in the first step, as a result of a higher surface/volume ratio in these lithified samples. Table S9 ). We find that the d( 234 U) initial is relatively constant and within 15-20‰ (dashed lines in Fig. 14) of the modern seawater value (blue line in Fig. 14) , in agreement with earlier studies, which agreed on a seawater 234 U/ 238 U ratio within 15‰ of the modern value for the last 360 kyr (Henderson, 2002; Robinson et al., 2004; Chutcharavan et al., 2018) . Our results confirm this broad constancy, within somewhat larger bounds (± 20‰), and expand this conclusion to the last 1 Myr.
Beyond 1 Myr, errors in the age and/or the amount of 234 U contamination of the samples will lead to increasingly larger shifts of the d( 234 U) initial values, making reconstruction of the seawater d( 234 U) more difficult. For instance, for a 1 Myr old sample, a 1‰ 234 U addition is equivalent to an error of 39 kyr on the sample age or a 17‰ shift in the d( 234 U) initial . For a 1.5 Myr old sample, the same 1‰ excess is equivalent to an error of 138 kyr in the sample age or a 69‰ shift in the d( 234 U) initial . For samples between 1 and 1.2 Myr old (i.e., between $142 and 177 mbsf), the d( 234 U) initial calculated from the drill core samples are significantly offset from the modern seawater value with values as high as 2700‰. This is clearly due to 234 U addition and open-system behavior of the samples (see Fig. 10c ). Below the 1.2 Myr old level (i.e., below 177 mbsf), smalleramplitude departures from modern seawater are observed with most d( 234 U) initial values being between 273 and 365‰. Such effects can readily be explained by recent and very limited open-system behavior of the samples resulting in an increase of only 4-6‰ of the present d( 234 U) value. Alternatively, this could indicate that the age of the samples (based on nannofossil biostratigraphic datums; Fig. 2 ) are overestimated by $200-300 kyr or a higher than modern d( 234 U) SW value. Although it is possible that the constancy (within 15-20‰) of the seawater d( 234 U) observed in the 0 to 1 Myr range extends all the way to 1.4 Myr, more work will be needed to check if this is the case.
The most striking feature of the d( 234 U) initial record is, however, not its overall constancy (within 20‰) throughout the last 1 to 1.4 Myr, but the fact that there is some structure to the small-scale variability seen in the record. Below we discuss possible causes of these 1-20‰ variations. Obviously, part of the dispersion (i.e., noise) in the data must be due to alteration by circulating subsurface fluids. However, these processes would result in random variations in the d( 234 U) initial over thick stratigraphic sections. Beside opensystem behavior, it has been proposed that both longterm (glacial to interglacial) and short-term (on the order Fig. 15 ). The inset shows a close-up view for the last 1.05 Myr as well as upward-coarsening sequences. Error bars include both the U isotope measurement and the age vs. depth profile uncertainties, with the latter accounting for more than 70% of the total error beyond 0.25 Myr. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) of $10 kyr) sea-level variations could influence the d( 234 U) initial of corals and platform carbonates (Esat and Yokoyama, 2006; Esat and Yokoyama, 2010) . To assess the effect of sea-level variations on the d( 234 U) of seawater, the d( 234 U) initial values and sea-level changes over the past 0.6 Myr are plotted on Fig. 15 (top panel) . Despite some scatter, likely due to subsurface alteration, there is a good agreement between the variations in d( 234 U) initial and sea-level. In particular, there is a clear rising trend in d( 234 U) initial values, from 135 to 160‰, during the penultimate glacial and interglacial event ($140 to $200 ka), which strongly resembles the sea-level fluctuations. This trend is remarkably similar to the one observed during the last glacial and interglacial events ($30 to 140 kyr) based on corals data (e.g., Cutler et al., 2003; Robinson et al., 2004; Esat and Yokoyama, 2006; Thompson et al., 2011) and our dataset (despite its scarcity) and which has been interpreted as being the result of sea-level variations (Esat and Yokoyama, 2006) .
The actual mechanism by which sea-level and the seawater d( 234 U) are linked is highly debated, and proposed hypotheses fall in two broad categories: (i) storage of excess 234 U in near shore suboxic and anoxic sediments during glacial periods and its subsequent release with rising sea-level during the next interglacial (Esat and Yokoyama, 2006; Esat and Yokoyama, 2010) , and (ii) changes in weathering regime resulting in an increase in the U flux and d( 234 U) of high-latitude continental inputs (e.g., Robinson et al., 2004; Andersen et al., 2007; Andersen et al., 2013 ; Chen et al., 2016a; Chutcharavan et al., 2018; Arendt et al., 2018) .
These models make predictions regarding the relative timing of sea-level changes and seawater d( 234 U) variations, which can be tested with datasets of high temporal resolution (e.g., Chen et al., 2016a) . Although our dataset is too sparse to inform on which group of models is correct, it expands the record of lower d( 234 U) SW in periods of low sea-levels to at least the last two glacial-interglacial events (i.e., $0.23 Ma). In fact, despite the large uncertainties on the age vs. depth profile (Fig. 2) , the correspondence between fluctuations in sea-level and seawater d( 234 U) values can be argued as far as $0.6 Ma. Deviation of the 234 U/ 238 U from the modern seawater value has traditionally been used as a test of validity for U-Th ages for recent carbonate sediments (e.g., Bard et al., 1991; Hamelin et al., 1991; Gallup et al., 1994; Stirling et al., 1995; Robinson et al., 2002) . With the discovery of 1-20‰ variations in the d( 234 U) SW , the validity of this approach is being debated (e.g., Cutler et al., 2003; Robinson et al., 2004; Yokoyama, 2006; Thompson et al., 2011) . While sample rejection assuming a constant, modern d( 234 U) SW value might be viable with large enough screening bounds (e.g., ±25‰), a more appropriate approach could consist in screening samples using a robust d( 234 U) SW vs. time record (e.g., Chutcharavan et al., 2018) , with smaller screening bounds (perhaps ± $5‰). A high-resolution study of the drill core investigated here would provide a unique opportunity to refine this record and expand it at least back to 1 Myr ago (or MIS 29) .
Finally, some of the small-scale variability in the d( 234 U) initial record could be due to the fact that the closure depth of the samples did not remain exactly the same through time. Several factors could influence the closure depth, including sedimentation rate and sea-level stand. In particular, development of hardground would result in the creation of a barrier to fluid circulation that would temporarily move the closure depth closer to the water-sediment interface until sedimentation rate increases. However, assessing the effect of such process on the U record is difficult because of the complex interconnection between variations in sea-level, sedimentation rate, and closure depth.
Site 1009 [U] and d
238 U profiles
Authigenic U enrichment
In the drill core, neither [U] nor d 238 U show obvious trend with depth (Fig. 10) . U concentrations show significant dispersion from 1.9 to 12.1 ppm (Fig. 10a) with higher values in the top 80 to 100 m of the drill core (where samples are mostly unlithified) than in the bottom portion (where samples are mostly lithified) (Fig. 10d) . All samples show [U] values higher than in modern allochemical fragments (grey band, Fig. 10a ) indicative of U addition. Almost all samples have d
238 U values close to or higher than that of modern seawater, by up to 0.50‰, and define an average d 238 U Site 1009 value of -0.16 ± 0.06‰ (95% CI), in agreement with data from shallow (0-40 cm) Bahamas carbonates (Romaniello et al., 2013) in which similar shifts have also been observed.
Concentrations higher than those of primary carbonates and d
238 U values higher than that of seawater are consistent with U authigenic enrichment during pore-water circulation and U reduction below the depth of Fe reduction (e.g., Zheng et al., 2002; McManus et al., 2005; Morford et al., 2005; Romaniello et al., 2013; Andersen et al., 2014) . Authigenic enrichment of U in the carbonates is, in fact, reflected in the clear positive correlation between U/Ca and U/Sr ratios of the solid samples despite variations in the Sr/Ca ratio of the samples (Fig. 13) . A lower limit on the fraction of U added to the samples (f reduced ) during pore-water circulation and U reduction can be obtained by comparing the concentration of the samples ([U] measured ) to that of a modern aragonitic carbonate ([U] initial $3 ppm, Dunk et al., 2002) as:
A second estimate for f reduced can be obtained by comparing the 238 U/ 235 U ratio of the samples (d 238 U measured )
to the initial isotopic composition of the samples (assumed to be identical to that of seawater, d 238 U SW = À0.39 ± 0.02‰; Tissot and Dauphas, 2015; Noordmann et al., 2015; Holmden et al., 2015; Rolison et al., 2017) , and assuming a fractionation factor during authigenic U addition typical of U reduction in marine environments (D Anoxic-SW = d 238 U added À d 238 U SW = +0.6‰; Andersen et al., 2014; Murphy et al., 2014; Noordmann et al., 2015; Holmden et al., 2015; Rolison et al., 2017; Bura-Nakic et al., 2018 
Both equations provide only a lower limit on the amount of authigenic enrichment as they assume that the change in U content and isotopic composition is solely due to U reduction and incorporation into the sediments and neglect any U loss and/or decrease of the d 238 U value during sample dissolution and recrystallization. The values of f reduced calculated using Eqs. (6) and (7) vary mostly between, respectively, 30 and 70% and 20 and 60% (Fig. 16) , indicating that about half of the sample U is non-primary and was added to the sample during early diagenesis. Given that sample dissolution and recrystallization decrease U content and, possibly, the d 238 U value (see below) of the samples, the actual amount of authigenic U in the samples is likely to be closer to the highest values of f reduced calculated, $66 -78%. Some outliers with low (and even negative) f reduced values are observed amongst the lowstand samples, indicating the influence of sea-level stand on the d 238 U record of carbonates (see the following section).
Despite clear authigenic enrichment in the samples, there is no correlation between TOC content and d 238 U values (Fig. 13) . Recently, Lau et al. (2016) Lau et al. (2016) does not take into account the fact that low TOC content does not necessarily mean that there was no organic matter in the samples to begin with, but could simply indicate that significant oxidation of organic matter has occurred. We therefore argue that low TOC content and a lack of correlation between TOC and d
238 U values in carbonate samples cannot be used to infer how close the U isotope composition of carbonates and the coeval seawater were. (Fig. 13) . The Sr/Ca ratio or Sr content principally reflects the proportion of aragonite present in the sample. Change in the aragonite content can be due to sea-level changes (with highstand sediments being aragonite-rich and lowstand sediments being calcite-rich, Droxler and Schlager, 1985; Betzler et al., 1999) , and dissolution and recrystallization of aragonite into calcite (i.e., lithification, Brand and Veizer, 1980; Gothmann et al., 2015) . Similarly, on the Bahamas periplatform, long-term variations in d 13 C inorg values (on the scale of 0.5 My or longer) reflect mixing of platform-derived and pelagic carbonates that are linked to sea-level changes (Swart and Eberli, 2005; Oehlert et al., 2012) . On the other hand, shorter-term variations have been attributed to alteration and lithification of the samples (Malone et al., 2001) .
To assess the role and relative importance of the processes affecting the 238 U/ 235 U ratio of carbonates, we used the available sea-level and geochemical data. There is a generally good agreement between the variations in d 238 U values and sea-level (Fig. 15, bottom (Oehlert et al., 2012) , high Sr/Ca ratios (i.e., aragonite-rich), and nearzero d 15 N org values , while pelagic carbonates have d 13 C inorg values between 0 and +1‰ (Oehlert et al., 2012) , low Sr/Ca ratios (i.e., calcite-rich), and d
15 N org values around +3‰ . Overall, samples with a large platform-derived component tend to have high U content and d
238 U values ($+0.10‰) compared to samples with a large pelagic component, which have d
238 U values of $À0.40‰ (i.e., close to the seawater value). This indicates that authigenic U enrichment in the carbonate is more prevalent on the carbonate platform than on the slope and explains the lower f reduced values derived from samples deposited in periods of low sea-level stand, when export of platform material to the slope is limited.
Because Na loss occurs during early diagenesis (Malone et al., 2001) , the lack of correlation between d 238 U and Na/ Ca ratios (Fig. 13) suggests that sample dissolution and recrystallization only minimally affected the carbonate d
238 U values at Site 1009. On the other hand, the correlation between d 238 U and sedimentation rate (Fig. 17) further supports the idea that sea-level variations are the main control of the d
238 U values of shallow-water carbonates as during periods of low sea-level the average sedimentation rates will be lower, whereas during high sea-level sedimentation rates will be higher. This reflects a unique property of carbonate depositional systems with respect to siliciclastic depositional systems, where carbonate production and export on a carbonate platform (carbonate factory) are enhanced during sea-level rise and shutdown during sealevel fall.
In fact, eustatic control on the 238 U/ 235 U ratios in platform carbonates might already have been documented, albeit unrecognized, in the rock record. In a recent study of carbonate samples from the Guilin carbonate platform (Nanpanjiang Basin, China) at the Frasnian-Famennian boundary ($372 Ma), Song et al. (2017) reported negative d 238 U shifts of up to 0.40‰, which occurred concurrently with discrete and significant falls in sea-level (Chen and Tucker, 2003; Song et al., 2017) . In light of our findings, the interpretations of the U isotope signal solely in terms of extent of oceanic anoxia put forward by Song et al. (2017) might be invalid and sharp changes in d
238 U values might instead be mainly responding to eustatic variations.
Comparison between sea-level and d 238 U is only possible over the last 0.8 Myr, where the detailed sea-level record extends (Spratt and Lisiecki, 2016) . Assuming, however, that changes in sea-level were the main control for the U isotope carbonate record over the last 1.5 Myr, the reduced d 238 U variability and lower [U] found in the partially lithified samples in the lower portion of the drill core could indicate more stable and generally low sea-level at the time of sample deposition (i.e., between 1 and 1.4 Myr). Alternatively, the apparent d 238 U variability and lower [U] could be due to more pronounced open-system behavior in this part of the drill core, consistent with the large 234 U excess seen in the samples between 140-180 mbsf. Though the effect of alteration and/or recrystallization on the d 238 U appears to be minor (see next section), in the absence of a detailed sea-level record, we cannot rule out the second hypothesis.
5.4.3. Effect of sample dissolution and recrystallization on the d 238 U Based on the pore-water and sediment depth profiles (Figs. 3, 4 , and 10; data from Eberli et al., 1997; Henderson et al., 1999; Malone, 2000 ; and this study) two intervals can be identified in the drill core where authigenic enrichment, sample dissolution and recrystallization are at play and could have affected the U systematics:
(1) In the 0-50 mbsf interval, degradation of U-rich organic matter is taking place as evidenced by the pore-water decreasing pH and sulfate concentration, increasing total alkalinity, and higher (3Â) than seawater U concentrations at constant Sr 2+ concentration. Authigenic enrichment of U in carbonates (Section 5.4.1) is consistent with the decreasing pore-water U concentrations (from 3 Â to below 1/3 of the seawater value) in this interval. At the same time, grain dissolution is occurring (between 20 and 55 mbsf), as shown by the lower than seawater pore-water d( 234 U) values ( Fig. 4 ; Henderson et al., 1999) and the slight increase in Sr 2+ concentration at constant Mg 2+ concentration and Sr
2+
/Ca 2+ ratio. Though dissolution should affect the bulk d( 234 U) of the sample by removing the outer layers which are 234 U-poor (due to alpha recoil), it had no impact on the d( 234 U) of the second leachate in our protocol as the outer layers of the grains were already digested in the first leaching step. (2) In the 50-225 mbsf interval, aragonite recrystallization into calcite (and dolomite below 150 m) and lithification become the dominant processes. This is shown by the sharp increase in pore-water Sr 2+ concentration and Sr 2+ /Ca 2+ ratio and the decrease in Mg 2+ concentration. Authigenic U enrichment is not happening at these depths; instead the samples appear to be losing U. Compared to the 100-225 m interval (Fig. 10a) , carbonates in the 50-100 m interval have higher U concentrations, U/Sr, and U/Ca ratios (Fig. 18) , which do not correlate with Sr/Ca ratios ( Fig. 13 ) and indicate U loss rather than Sr gain at the deeper depth interval. Given that recrystallization is accompanied by Sr loss from the carbonate, the lower U/Sr ratios in the 100-225 m depth interval compared to the 50-100 m depth interval (Fig. 18 ) require that U loss was more pronounced than Sr loss. This is consistent with the $30 times lower partition coefficient of U in calcite (0.04-0.4; Kitano and Oomori, 1971; Meece and Benninger, 1993) compared to aragonite (1.7-9.8; Meece and Benninger, 1993; Gabitov et al., 2008) , and the only $10 times lower partition coefficient for Sr in calcite compared to aragonite (0.1-0.35 in calcite; Gabitov and Watson, 2006, vs. 1.4 ± 0.53 in aragonite; Wassenburg et al., 2016) . The large excesses of 234 U recorded in some samples in the 100-225 m depth interval (Fig. 14) might be the result of U exchange with sediment pore-waters during extensive recrystallization. Yet, other samples from this interval gave d( 234 U) initial identical to the modern seawater value, indicating for these samples that either (1) no U exchange with sediment pore-waters occurred during recrystallization, or (2) only the fraction of carbonate digested during the first step of our leaching protocol had their 234 U/ 238 U ratio modified.
In light of these observations, the spread in U concentration (by approximately a factor of 2) and d 238 U (of about 0.2 to 0.5‰) for any given d 13 C inorg , Sr/Ca, d 15 N org values or sedimentation rate, could reflect either (1) variable amount of secondary U addition (and associated isotope fractionation) via U reduction in sediments on the carbonate platform and in pelagic settings, or (2) U mobilization and isotope fractionation during sample dissolution and recrystallization. Evidence that the latter processes might be at play come from the shallow slope ($ À0.09) of the Sr/Ca vs. Mg/Ca data for the Site 1009, which is identical to the slope of the diagenetic trend observed in altered portions of fossil corals ($ À0.10) and different from the slope of the primary trend resulting from substitution of Sr for Mg in aragonite (slope $ 1; Gothmann et al., 2015) . Furthermore, U isotope fractionation during sample dissolution and recrystallization provides a mean of explaining the extremely low d 238 U value (À0.94 ± 0.03‰) of the hardground sample (99.12 mbsf). Indeed, if the composition of this sample was the result of changes in the sealevel alone, it would require that the seawater d 238 U value was at least as low as that recorded in the sample. This would imply a shift from modern oxygen levels to near complete oceanic anoxia and back to modern levels on a timescale of $40 kyr. Such a scenario is highly improbable Fig. 18 . U/Ca and U/Sr depth profiles at Site 1009. U concentration from the ''central cut" (Step 2, this work). Ca and Sr concentrations from bulk carbonate (Malone, 2000) . Symbols as in Fig. 10. and it is more likely that the low d 238 U value of the hardground sample is due to extensive and prolonged (due to the slow sedimentation rate) diagenetic recrystallization and neomorphism under fluid-buffered conditions (Higgins et al., 2018) , prior to burial.
A summary of the controls on the U systematics in carbonates from the Site 1009 is shown in Figs. 19 and 20 . While primary carbonates and pelagic carbonates forming at the seafloor have 238 U/ 235 U ratios close to that of the seawater (Romaniello et al., 2013; Clarkson et al., 2018 and this study, Section 5.4.2), this value is rapidly overwritten by authigenic U enrichment via pore-water circulation and U reduction. The process results in a significant ($0.50‰) increase of the d 238 U values and a factor 2-3 enrichment in the carbonate U content (red arrows on Figs. 19 and 20) . This diagenetic process is more prevalent on the carbonate platform than on the slope, where it can take place as early as a few tens of centimeters below the water-sediment interface (Romaniello et al., 2013) , and continues after sediment deposition down to $5 mbsf (this study). During burial, grain dissolution (at 20-55 mbsf) and subsequent aragonite recrystallization (below 50 mbsf) lead to U loss and, possibly, a decrease in the d 238 U of the samples. These last two processes also occur in the fluidbuffered region of the sediment column (i.e., top 10s of meters, Higgins et al., 2018) , and will be more prevalent in times of low sedimentation rates. With the exception of the hardground sample (99.12 mbsf), all carbonates have d 238 U at or above the modern seawater value, indicating that the magnitude of the U isotopic fractionation associated with sample dissolution and recrystallization is much smaller than the $0.60‰ value associated with U reduction into anoxic sediments (e.g., Andersen et al., 2014; Tissot and Dauphas, 2015) . Little data is available to put this observation into context, but calcite and aragonite precipitation experiments at pH $8.5 found a small, yet resolvable, isotopic fractionation of D Aragonite-fluid = +0:07 þ0:02 À0:03 ‰ during aragonite precipitation, but not during calcite precipitation (Chen et al., 2016b) . If the recrystallization of aragonite into calcite is an equilibrium process, it would result in a lower d 238 U value and [U], consistent with the very negative value observed in the hardground sample (99.12 mbsf). Due to the very minor dolomite content in the studied samples (below 5 wt%; only present in 5 samples), the effect of dolomitization could not be constrained with the data from the Site 1009.
Average effect of diagenesis on the d
238 U of carbonates The combined and average effect of sea-level variations and authigenic U enrichment, and, to a lesser extent, early diagenetic processes (i.e., sample dissolution and recrystallization) during sample burial, leaves the d 238 U value of shallow-water carbonate sediments offset relative to that of seawater by D Carbonates-SW = +0.24 ± 0.06‰ (95 CI, including all samples). Not including lowstand samples gives an identical value of D Carbonates-SW = +0.28 ± 0.04‰. The former value, which captures the full variability due to sea-level changes should be used in oceanic paleoredox reconstructions based on carbonates deposited in shallow-water platform, shelf and slope environments (i.e., most of the carbonate sedimentary record prior to the Mesozoic; Opdyke and Wilkinson, 1988; Boss and Wilkinson, 1991; Holmden et al., 1998; Walker et al., 2002; Ridgwell, 2005) to account for the average effect of carbonate diagenesis. Assuming that the 238 U/ 235 U ratio of carbonate platform sediments directly records the 238 U/ 235 U ratio of seawater would lead to underestimation of the extent of ocean-seafloor anoxia by at least a factor of 10 (see models in Tissot and Dauphas, 2015; Lau et al., 2017) .
Using the D Carbonates-SW value derived from the Site 1009 samples implicitly assumes that the Bahamas platform carbonate is representative of all other platform carbonates. As far as the Bahamas is the largest carbonate platform dominated by aragonitic, non-skeletal material, this assumption is likely correct for other aragonitedominated platforms. This interpretation is supported by the 0.20-0.30‰ higher d 238 U values observed by Clarkson et al. (2018) in shallow, aragonite-rich carbonate succession relative to the deeper-shelf pelagic calcite succession deposited during the Oceanic Anoxic Event 2 ($ 94 Ma). The Bahamas carbonate platform might, however, not be representative of all types of carbonate platforms, and future works should aim to measure U concentrations and isotope composition on other carbonate platforms to assess the global relevance of the D Carbonates-SW proposed here.
Statistically meaningful datasets and seal-level considerations for paleoredox reconstructions
As discussed above, the combined effect of sea-level variations, authigenic U enrichment during pore-water circulation and U reduction, and diagenesis is not negligible and can result in a 0.20-0.50‰ variability in the d
238 U values recorded in recent carbonates. This variability is similar to, and sometimes larger than, the magnitude of U isotope variations that have thus far been interpreted in terms of oceanic redox (e.g., Dahl et al., 2014; Azmy et al., 2015; Dahl et al., 2017; Song et al., 2017; Bartlett et al., 2018; Clarkson et al., 2018) . As such, our findings imply that ocean paleoredox reconstructions should rely on sufficiently large datasets and high-resolution sampling to allow for identification of (i) statistically meaningful trends and (ii) variability due to sea-level changes. This is true even for larger shifts in the rock record (on the order of 0.50‰), which could a priori be ascribed to variations in the redox state of the ocean.
To show the danger of directly interpreting d 238 U shifts in term of extent of anoxia without considering the geologic context, four d 238 U depth profiles are presented in Such pitfalls can, to a large extent, be avoided by placing the d 238 U record of carbonates in a broader geological context. In particular, attention must be brought to the identification of sea-level controlled U isotope trends resulting from variable contributions of shallow platform and pelagic materials. The study of coeval carbonate successions deposited at different depths appears as a promising tool for such assessments (e.g., Clarkson et al., 2018) . When such comparisons of depositional environments are not possible (e.g., available sediment successions were deposited in the same environment), the potential influence of sea-level changes on carbonate d
238 U values has to rely on considerations of (i) the mineralogy of the carbonate sediments prior to lithification as inferred from mineralogical and petrographic observations, and (ii) diagenetic tracers (e.g., d
13 C inorg , d 18 O inorg , and Sr/Mn ratios).
CONCLUSIONS
A simple step-leaching protocol for bulk carbonate U isotope analysis was developed (Section 3.3) and applied to a series of modern carbonates (corals, limestone, dolostone) and 43 shallow-water carbonates from ODP Leg 166 Site 1009. Though bulk corals do record the seawater d 238 U value (within ±0.02‰), the step-leaching dissolution shows variability in the concentration and isotopic U release pattern (Figs. 5 and 6), suggesting a control of the coral structure with higher 238 U/ 235 U ratios in the centers of calcification.
The d( 234 U) data for the Site 1009 samples indicate that U exchange with pore-water generally ceased within the first 5 mbsf (Fig. 10 ), equivalent to a closure time of $2-3 kyr after deposition. Based on the age vs. depth profile of the drill core (Fig. 2) , the d( 234 U) values obtained herein allow us to conclude that although the seawater ( 234 U/ 238 U) ratio remained broadly constant (within 15-20‰) over the last 1-1.4 Myr (Fig. 14) , small-scale variations (1-15‰) exist and mirror sea-level changes (Fig. 15) . This expands the record of lower d( 234 U) SW in the periods with low sealevel stand previously observed for the last glacialinterglacial period to at least the last two glacialinterglacial events (i.e., $0.23 Ma). These permil-size variations linked to sea-level changes should be considered when screening U-Th ages for carbonate sediments on the basis of the initial ( 234 U/ 238 U) ratios to avoid erroneous age selection.
Correlation between d 238 U values and the geochemical data for the Site 1009 samples (e.g., d
13 C inorg , Sr/Ca, and d 15 N org , Fig. 13 ) reveal the dominant control of sea-level stand on the d 238 U record (Figs. 13 and 15 ), through mixing of platform-derived carbonates (having d 238 U $ 0.50-0.60‰ heavier than seawater) and pelagic carbonates (with seawater-like d
238 U values). The heavier U isotope composition and higher U content of the platformderived carbonates is attributed to U authigenic enrichment via U reduction on the platform. Sample dissolution and recrystallization, which lead to U loss down the drillcore, appears to result in only minor modification of the carbonate d
238 U values. The overall effect of sea-level variations and diagenesis on the d 238 U of carbonates deposited on the shallowwater carbonate platform as well as in the shelf and slope environments results in a fractionation factor, D Carbonates-SW , of +0.24 ± 0.06‰ (95 CI, including all samples) (Figs. 10, 19 and 20) . This value should be used when reconstructing the U isotope composition of seawater from carbonates to avoid significant underestimation of the extent of oceanic anoxia (at least by a factor of 10). Finally, the existence of relatively large (0.20-0.50‰) variations in the d 238 U of carbonates due to changes in sea-level emphasizes the need for statistically meaningful data sets (Fig. 21 ) and implies that shifts in the d 238 U carbonate record should not be ascribed to changes in the extent of oceanic anoxia without proper consideration of the depositional environment with a particular attention to sea-level control.
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